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Temperature-dependent oxygen and carbon isotope fractionations of biogenic siderite
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Abstract—Isotopic compositions of biogenic iron minerals may be used to infer environmental conditions
under which bacterial iron reduction occurs. The major goal of this study is to examine temperature-dependent
isotope fractionations associated with biogenic siderite (FeCO3). Experiments were performed by using both
mesophilic (,35°C) and thermophilic (.45°C) iron-reducing bacteria. In addition, control experiments were
performed to examine fractionations under nonbiologic conditions.

Temperature-dependent oxygen isotope fractionation occurred between biogenic siderite and water from
which the mineral was precipitated. Samples in thermophilic cultures (45–75°C) gave the best linear
correlation, which can be described as 103 lnasid-wt 5 2.563 106 T22 (K) 1 1.69. This empirical equation
agrees with that derived from inorganically precipitated siderite by Carothers et al. (1988) and may be used
to approximate equilibrium fractionation. Carbon isotope fractionation between biogenic siderite and CO2,
based on limited data, also varied with temperature and was consistent with the inorganically precipitated
siderite of Carothers et al. (1988). These results indicate that temperature is a controlling factor for isotopic
variations in biogenic minerals examined in this study.

The temperature-dependent fractionations under laboratory conditions, however, could be complicated by
other factors including incubation time and concentration of bicarbonate. Early precipitated siderite at
120-mM initial bicarbonate tended to be enriched in18O. Siderite formed at,30 mM of bicarbonate tended
to be depleted in18O. Other variables, such as isotopic compositions of water, types of bacterial species, or
bacterial growth rates, had little effect on the fractionation. In addition, siderite formed in abiotic controls had
similar oxygen isotopic compositions as those of biogenic siderite at the same temperature, suggesting that
microbial fractionations cannot be distinguished from abiotic fractionations under conditions examined
here. Copyright © 2001 Elsevier Science Ltd

1. INTRODUCTION

The oxygen isotope composition of sedimentary rocks may
provide clues to paleoclimate changes and the evolution of
oceans. The interpretation of natural variations in18O/16O,
however, depends on the knowledge of how temperature and
other factors affect the isotopic fractionation between a mineral
and water or between coprecipitating minerals. So far, con-
straints on the magnitude of oxygen isotope fractionation be-
tween siderite and water include three theoretical calculations
and two experimental studies (Fig. 1). Becker and Clayton
(1976) calculated the equilibrium fractionation between siderite
and water by using a combination of spectroscopic and ther-
modynamic data constrained by experimental observations.
Golyshev et al. (1981) calculated fractionations by using a
physical lattice model, which were similar to those of Becker
and Clayton (1976). Zheng (1999) calculated fractionations by
using an increment model, which were systematically greater
than those of Becker and Clayton (1976) (Fig. 1). Carothers et
al. (1988) first measured the fractionation between inorgani-
cally precipitated siderite and water at 33 to 197°C, which
varied between the calculated values of Becker and Clayton
(1976) and Zheng (1999) (Fig. 1). Mortimer and Coleman
(1997) examined the fractionation between biogenic siderite
and water at 18 to 40°C in a bacterial culture, which was

significantly smaller than fractionations obtained from theoret-
ical calculations or inorganic precipitation (Fig. 1).

The formation of siderite in many natural environments has
been interpreted to be microbially mediated (Coleman and
Raiswell, 1993; Curtis et al., 1986; Duan et al., 1996; Ellwood
et al., 1988; Moore et al., 1992; Mozley and Carothers, 1992;
Pye et al., 1990). However, interpretation of the oxygen isotope
signatures of diagenetic siderite in the low-temperature sedi-
mentary environments is complicated (e.g., Mozley and
Carothers, 1992; Mozley and Wersin, 1992; Mortimer and
Coleman, 1997). In particular, the exceptionally lowd18O
values (e.g.,,25‰ vs. SMOW) of siderite have been ex-
plained as the result of microbially mediated processes (Mor-
timer and Coleman, 1997). This is intriguing because many
previous interpretations of meteoric water diagenesis in marine
sediments could have been invalid (Mortimer and Coleman,
1997).

Our goal is to understand the temperature-dependent oxygen
isotope fractionation in the context of bacterial growth and
solution chemistry. We chose several species of bacteria over a
temperature range of 10 to 75°C because bacterially mediated
iron reduction and siderite formation has been reported at these
temperatures (Lovley, 1991; Zhang et al., 1997; Fredrickson et
al., 1998; Zhang et al., 1999). Although low-temperature
(,45°C) formation of biogenic siderite is typical of marine and
freshwater environments (Lovley, 1991; Nealson and Saffarini,
1994), higher-temperature (.45°C) formation of biogenic si-
derite indicates microbial contribution to iron reduction in
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modern or ancient hot biosphere. The latter has evolutionary
implications because iron reduction by thermophiles may have
been the first external electron accepting process in microbial
metabolism (Vargas et al., 1998).

2. MATERIALS AND METHODS

2.1. Organisms and Experimental Conditions

This study focused on a thermophilic ($45°C) iron-reducing bacte-
rium strain C1 because of the ease of growing this bacterium. Less
emphasis was placed on two other thermophilic cultures of TOR-39 and
M3-H2, and two mesophilic cultures (10–35°C) of BrY and GS-15. Strains
C1 and TOR-39 reduce iron when breaking down glucose and other
carbohydrates to fatty acids plus H2 and CO2 (Fig. 2). Analysis using
high-pressure liquid chromatography showed the presence of lactic, acetic,
and propionic acids in the spent media of C1 and TOR-39 cultures (Zhang
et al., unpublished data). M3-H2 and BrY reduce iron when oxidizing H2
or short-chain fatty acids (Caccavo et al., 1992; Liu et al., 1997; Zhang
et al., 1997). Strain GS-15 reduces iron when oxidizing short-chain
fatty acids or petroleum hydrocarbons (Lovley and Lonergan, 1990;
Lovley and Phillips, 1988). Although these bacteria have different
metabolic pathways, they all form iron minerals extracellularly. The
purpose of using multiple strains in this study is to determine whether
the isotopic compositions of biogenic iron minerals will be affected by
bacterial species. Furthermore, growth of both mesophilic and thermo-
philic bacteria allows examination of temperature-dependent fraction-
ation in a greater temperature range than using a single strain.

For this study, C1, TOR-39, M3-H2, and BrY were cultured in a
basal medium containing the following reagents (in grams per liter of
deionized water): NaHCO3 (2.5), NaCl (10), MgCl2 z 6H2O (0.8),
CaCl2 z 2H2O (0.1), NH4Cl (1.0), 3-[N-morpholino]-propanesulfonic
acid (1.0), and yeast extract (0.5). Trace minerals and vitamins were
added according to Phelps et al. (1989). GS-15 was cultured in a
medium described by Lovley and Phillips (1988), which contained (in

grams per liter of deionized water): NaHCO3 (2.5), CaCl2 z 2H2O (0.1),
KCl (0.1), NH4Cl (1.5), and NaH2PO4 z H2O (0.6). Trace minerals and
vitamins were added according to Lovley et al. (1984). Both media
were prepared anaerobically. The final pH was 8.2 to 8.5 for C1 and
TOR-39 and'7.0 for M3-H2, BrY, and GS-15. All experiments were
performed in 26-mL glass tubes containing 10-mL of media that were
autoclaved after preparation.

Different electron donors and gas phases were used for growing
different bacterial species. C1 and TOR-39 were grown on glucose (10
mM) under a N2 gas atmosphere; M3-H2, and BrY were grown on
hydrogen under a H2/CO2 (80:20 vol:vol) atmosphere; and GS-15 was
grown on acetate (30 mM) under a N2/CO2 (80:20 vol:vol) atmosphere.
The electron acceptor was ferric oxyhydroxide at'40 to 90 mM
concentrations for C1, TOR-39, M3-H2, and BrY. For GS-15, 250 mM
of ferric oxyhydroxide is typically used in culture experiments (Lovley
and Phillips, 1988) and was used here as well. Ferric citrate ('25 mM)
was used as an alternative electron acceptor for BrY.

For bacterial experiments, a 10% (vol:vol) inoculum from pregrown
cultures was used. A 100-fold lower inoculum of C1 was also used
when testing the effect of decreasing biomass or growth on oxygen
isotope fractionation. Incubation temperatures were 45 to 75°C for C1,
65°C for TOR-39 and M3-H2, 10 to 35°C for BrY, and 20 to 30°C for
GS-15. Abiotic control experiments were performed at 65°C and 120
mM of bicarbonate, or at 95°C and 30 mM of bicarbonate by using the
same medium for growing C1 and TOR-39. Table 1 summarizes the
run conditions for all samples analyzed, which were categorized into 11
suites of experiments. These experiments were designed to examine
different variables that may affect oxygen isotope compositions of the
precipitating minerals: suites 1 to 3 mainly for time effect (0.5–720 h),
suites 4 to 5 for biomass effect (0.1% or 10% inocula), suite 6 for
bicarbonate effect (10–240 mM), and suites 7 to 11 for temperature
(10–75°C) and bacterial species effects.

Time-course experiments were performed at 120 mM of bicarbonate
to examine changes in pH, Eh, and Fe(II) as a result of bacterial growth
in the C1-OR and C1-W4 cultures. Changes in pH, Eh, and Fe(II) as a
result of abiotic reactions were examined in the Control-OR samples.

2.2. Bacterial Cell Counts

Bacterial cell numbers were determined by an acridine-orange di-
rect-count method described in Zhang et al. (1996). Approximately 0.5
to 1 mL of a culture was diluted with sterile phosphate buffer (pH 7),
filtered onto a black Nuclepore filter (0.2-mm pore diameter), stained
with 1 mL of a particle-free acridine-orange solution for 2 min, and
observed under an epifluorescence microscope.

Fig. 1. Oxygen isotope fractionations as a function of temperature
determined by theoretical calculations (B, Becker and Clayton; 1976;
G, Golyshev et al., 1981; Z, Zheng, 1999) and by inorganic precipita-
tion (C, Carothers et al., 1988). Also shown are biogenic siderite (letter
“m”) from Mortimer and Coleman (1997).

Fig. 2. A schematic diagram of the culture system in which C1
breaks down glucose into fatty acids plus H2 and CO2. Ferric oxyhy-
droxide was reduced to Fe(II), which was then precipitated as FeCO3

and/or Fe3O4 depending on pH, redox potential, and the availability of
dissolved CO2. The source of CO3

22 was mostly HCO3
2 provided at the

beginning of the experiments. Fe31 for magnetite precipitation was
probably from the dissolution of Fe(OH)3. Initial head gas was 100%
N2.
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2.3. Measurements of Eh, pH, and Water-Soluble Fe(II)

Measurements of Eh and pH were performed by using methods
outlined in Zhang et al. (1997). The Eh was measured by placing a
platinum microelectrode (Microelectrodes, Inc., Londonderry, NH) di-
rectly into the culture tube; an Eh value was recorded after equilibration
for at least 5 min. The pH was then measured by transferring 5 mL of the
liquid portion into a 10-mL beaker into which a pH probe was placed.

Water-soluble Fe(II) was determined by a ferrozine method modified
from Zhang et al. (1997). Subsamples of 0.1 to 0.3 mL were directly
added to 3-mL ferrozine (1 g/L) solution by using a needle and syringe.
The sample was mixed and filtered through a Whatman syringe-filter
(13-mm filter diameter, 0.2-mm pore diameter). Maximum absorbance
was measured at 562 nm. Standards for the ferrozine assay were
prepared with ferrous ethylenediammonium sulfate dissolved in 0.5
mol/L of HCl.

2.4. Calculations of Saturation Index and Abundance of Siderite

A MINTEQ geochemical equilibrium speciation model (Allison et
al., 1991) was used to calculate ionic strength, activities of dissolved
species, and the saturation index of siderite. The wt.% of siderite in the
solids was calculated by using the amount of CO2 evolved during the
reaction of a subsample of a known weight (see Sec. 2.6). The per-
centage was then used to calculate siderite (in mg) in the total precip-
itate.

2.5. X-ray Diffraction and Scanning Electron Microscopy

X-ray diffraction (XRD) patterns of run products were obtained on a
Scintag automated diffractometer by using cobalt Ka radiation. Sam-
ples were filtered on glass-fiber filters having a diameter of 0.45-mm,
dried in an anaerobic chamber, and then measured on the diffractom-
eter. The scan range for all samples was 2 to 70° (2u) with a scanning
rate of 2°/min. The mineralogic compositions of the sample were
determined by comparing sample diffraction patterns to mineral stan-
dards provided by the International Center for Diffraction Data. The
size and shape of synthesized siderite crystals were examined with a
scanning electron microscope.

2.6. Analysis of Oxygen Isotopes

Natural siderite samples are typically roasted or treated with plasma
or NaOCl solutions to remove labile organic matter that might cause
inaccurate isotopic results (Bahrig, 1989; Moore et al., 1992; Fisher et
al., 1998). Siderite in bacterial cultures, however, is among a mixture

of minerals (ferric oxyhydroxide, siderite and magnetite), organic
chemicals (glucose and degradation fatty acids), and biomass. The
effects of roasting or chemical treatments on biogenic siderite were not
known. We examined the effects of such oxidative treatments ond18O
andd13C of both naturally occurring siderite and laboratory-produced
biogenic siderite using glucose and spent medium (Table 2). Because
magnetite has much lowerd18O values than coexisting siderite (Becker
and Clayton, 1976; Zhang et al., 1997), the effects of magnetite (both
commercial and biogenic) on isotope compositions of siderite were also
evaluated (Table 2). Finally, because glass fibers were used in the
reaction vessels to prevent the loss of sample during evacuation, the
effects of glass fibers on isotope compositions of siderite were evalu-
ated as well. Possible contamination from organic carbon was checked
by examination of mass spectrum after each isotopic run.

The natural siderite was a single crystal (33 3 3 2 cm3) that
appeared to be pure FeCO3 based on analysis of X-ray diffraction (data
not shown). A portion of the crystal was ground to particles of#10-mm
in size before isotopic analysis. The biogenic siderite comprised fine-
grained particles (3–5mm) coprecipitated with submicron-sized mag-
netite in a TOR-39 culture (Zhang et al., 1998). Treatments of the
natural and biogenic siderite particles included (1) roasting in vacuum
at 300°C for 1 h, (2) oxidation by 5% NaOCl solution in an oxygen-free
environment for 12 h, or (3) oxidation by plasma radiation (,100°C)
in air or under a N2 atmosphere for 1.5 h.

All treatments gaved18O and d13C values lower than nontreated
samples (Table 2). If the samples were not treated, the oxygen and
carbon isotopes of the natural siderite were not affected by additions of
glucose, spent medium, commercial or biogenic magnetite, or glass
fibers (Table 2). These results suggest that glucose, spent medium, or
magnetite could exchange isotopic compositions with siderite during
the treatments. Other investigators have observed that methods com-
monly used to remove organic matter could cause significant isotopic
offsets (Koch et al., 1997). As a result, all samples reported in this
study were analyzed without any oxidative treatment. However, pre-
cipitates were washed with distilled water at least three times before
being dried in a vacuum dessicator.

Siderite yield was calculated for the natural siderite but not for the
biogenic siderite because its absolute concentration in the siderite-
magnetite mixture was not determined. The low yield (average 736
16%) from the nonroasted natural siderite (Table 2) was associated
with large reaction vessels used in the early testing. All other non-
roasted samples were reacted in sealed Pyrex tubes, most of which gave
.90% yield of siderite. On the other hand, three of five roasted samples
gave yield,70% of siderite (Table 2). As a result, the Pyrex tubes
were used for all experimental samples in this study.

Table 1. Experimental run conditions.

Suite
Sample
type1

Temp
(°C)

HCO3
22

(mM)
Inoculum3

(% vol:vol)
Duration4

(h)

1 Control-OR 65, 95 120, 30 0 0.5–720, 500
2 C1-OR 65 120 10 0.5–720
3 C1-W4 65 120 10 0.5–720
4 C1-OR 65 60 0.1 3.6–240
5 C1-OR 65 60 10 3.6–240
6 C1-OR 65 10-240 10 720
7 C1-OR 45, 55, 75 120 10 720
8 C1-W4 45, 55, 75 120 10 720
9a TOR-39-OR 65 30 10 500
9b M3-H2-OR 65 30 10 500
10 GS-15-UM 20, 30 30 10 500
11 BrY-OR 10, 25, 37 60 10 500

1 OR, distilled water from Oak Ridge National Laboratory withd18OVSMOW 5 25.0‰ to27.5‰ on different dates; W4, nondistilled Antarctic
water withd18OVSMOW 5 228.0‰; UM, distilled water from University of Massachusetts withd18OVSMOW 5 29.5‰. A C1-OR sample indicates
that the culture C1 was grown in the OR water under the conditions described in the table. Control-OR indicates that bacteria were not added to the
OR-water.

2 HCO3
2 was initial concentration before an experimental run.

3 An inoculum of 0.1% or 10% means that a 0.01-mL or 1-mL pregrown culture was added to a 10-mL medium to initiate the bacterial growth.
4 A duration of 3.6 to 240 h means that samples were collected during incubation between 3.6 and 240 h.

2259Isotope fractionation of biogenic siderite



Isotopic analysis of siderite was accomplished by reacting a sub-
sample (10–48 mg dry weight) with 100% phosphoric acid in a Pyrex
vessel at 60°C. Reaction was terminated after 2 days, at which time
CO2 was no longer produced, and the reaction was considered com-
pleted. The evolved CO2 was used for calculation of siderite abundance
in the subsample and for analysis of oxygen and carbon isotope
compositions. Because CO2 has a different oxygen isotope composition
than siderite from which the gas was evolved, a fractionation factor
(asiderite-CO2) of 1.01006 (Rosenbaum and Sheppard, 1986) was used to
back-calculate the isotopic compositions of siderite. Oxygen isotopes
of siderite were reported relative to the international standard Vienna-
SMOW and carbon isotopes relative to the international standard
Vienna-PDB. Oxygen isotope compositions of the medium waters (OR,
UM, and W4; Table 1) were analyzed by the CO2-H2O equilibration
method calibrated against Vienna-SMOW at 25°C (Epstein and
Mayeda, 1953). Because our focus was on oxygen isotopes of siderite,
only limited carbon-isotope data were collected for total dissolved
inorganic carbon, and no data were collected for head-space CO2.
Carbon isotope compositions of the head-space CO2, however, were
calculated by using the fractionation between bicarbonate and CO2

according to Szaran (1997). All isotopic analyses were performed by
using a Finnigan MAT 252 mass spectrometer, which has an internal
precision of6 0.01 to 0.03‰ for both oxygen and carbon isotope
analyses.

3. RESULTS

3.1. Solution Chemistry and Mineralogy

3.1.1. Changes in solution chemistry in bacterial cultures
and in abiotic controls

In the C1-OR cultures and at 120 mM of bicarbonate con-
centration, cells increased'14-fold within the first 14-h incu-
bation, changing from 1.63 107 cells/mL at 0.5 h to 2.43 108

cells/mL at 14 h (Fig. 3a). In the C1-W4 cultures, cells in-

creased'24-fold, changing from 1.13 107 cells/mL at 0.5 h
to 2.53 108 cells/mL at 14 h (Fig. 3a). Cells began to decrease
rapidly in both C1-OR and C1-W4 cultures after 14 h.

The pH decreased during bacterial growth (Fig. 3b). In both
cultures, the pH dropped slightly between 0.5 h and 14 h and
more markedly between 14 and 168 h. After 168 h, pH de-
creased much more slowly. The decrease in pH was probably
due to the production of organic acids from the breakdown of
glucose by the cells of C1 (Fig. 2). The more rapid decrease in
pH between 14 and 168 h indicated that the buffering capacity
of the bicarbonate perhaps could not keep up with the produc-
tion of organic acids produced by cells of C1.

The pH also decreased in Control-OR samples (Fig. 3b);
however, the overall drop in pH was much less than in the
bacterial cultures. The final pH in the Control-OR sample was
7.9, whereas the values were 7.2 to 7.4 in the C1-OR and
C1-W4 cultures (Fig. 3b). Nevertheless, the decrease in pH in
the Control-OR samples indicated that production of organic
acids or CO2 might be possible from abiotic degradation of
glucose under the conditions examined (high temperature and
presence of reactive iron). The excursion to a pH 9.3 at 14 h in
the Control-OR was unexpected and inconsistent with the
chemical reactions described above. Because multiple tubes
were used for the experiments, this high pH may reflect high
initial pH in this particular sample.

The Eh was low (,2350 mV) in C1-OR and C1-W4 cul-
tures when first measured at 0.5 h (Fig. 3c). These low Eh
values were most likely caused by inoculation from low-Eh,
pregrown cultures because the control samples not receiving
the inoculation had much higher Eh at 0.5 h (2120 mV) (Fig.

Table 2. Effects of treatments ond18O andd13C of natural siderite and laboratory-produced biogenic siderite.

Sample Treatment
Sid. Yield

(wt.%)
d13CVPDB

(‰)

d18OVSMOW

(‰)

FeCO
3
1 No 736 16 24.86 0.2 10.86 0.1

(n 5 4) (n5 4) (n5 4)
FeCO3 Roast@300°C, 1 h 86 25.22 10.3
FeCO3 1 glucose No 98 24.7 10.8
FeCO3 1 glucose Roast@300°C, 1 h 59 26.4 8.8
FeCO3 1 spent medium2 No 90 24.8 10.8
FeCO3 1 spent medium2 Roast@300°C, 1 h 69 25.1 10.4
FeCO3 1 Fisher magnetite No 91 24.8 10.8
FeCO3 1 Fisher magnetite Roast@300°C, 1 h 46 25.4 10.3
FeCO3 1 Fisher magnetite Roast@300°C, 1 h 106 25.3 10.3

1 glucose1 spent medium2

FeCO3 1 biogenic magnetite No 98 24.8 10.8
FeCO3 1 glass fiber No 92.8 24.74 10.78

87.3 24.63 10.90
Biogenic siderite3 No nd4 23.17 19.94

23.20 19.81
Biogenic siderite Roast@300°C, 1 h nd 24.92 16.76

24.37 17.34
Biogenic siderite 5% NaOCl, 12 h nd 210.77 17.42

nd 24.24 18.76
Biogenic siderite Air-plasma, 1.5 h nd 24.1 18.5
Biogenic siderite N2-plasma, 1.5 h nd 24.4 18.4

The 6 values indicate one standard deviation of the mean.
1 Natural siderite from Brazil; X-ray diffraction pattern showed no other minerals. The origin of the Brazilian siderite is unknown.
2Containing metabolic products such as short-chain fatty acids.
3Coprecipitated with biogenic magnetite in a TOR-39 culture; X-ray diffraction showed only siderite and magnetite peaks.
4Not determined.
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3c). During incubation, Eh in C1-OR cultures increased slightly
from 2430 mV at 0.5 h to about2410 mV at 14 h and then
increased more markedly to about2310 mV at 24 h (Fig. 3c).
After 24 h, Eh increased slowly to about2270 mV at the end
of experiment (Fig. 3c). Eh in C1-W4 cultures, on the other
hand, decreased gradually from about2360 mV at 0.5 h to
about2440 mV at 24 h and then returned to about2380 mV
at the end of experiment (Fig. 3c). Eh in Control-OR decreased
slightly from 2120 mV at 0.5 h to2150 mV at 11 h. It
decreased much faster after 11 h and reached a value of2410
mV at the end of experiment (Fig. 3c).

Some of the variations in Eh can be explained by changes in
pH because Eh is negatively correlated with pH for many redox
reactions. The pronounced increase in Eh between 14 and 24 h
in C1-OR was probably due to significant decrease in pH
during this period of incubation; the low Eh at 14 h in the
Control-OR was probably the result of the high pH (Fig. 3b).
Other variations in Eh, however, cannot be explained by
changes in pH. For example, in Control-OR, both pH and Eh
decreased after 24 h (Figs. 3b and 3c). These results suggest
that changes in Eh may be affected by pH and/or other chem-
ical parameters that have yet to be determined.

Total Fe(II) production in C1-OR and C1-W4 cultures was
similar and concurrent with cell growth (Fig. 3d). In both
cultures, total Fe(II) changed from,5 mM at 0.5 h to'40 mM
at 24 h and decreased thereafter. Because of mineral precipi-
tation during iron reduction, most of the Fe(II) was fixed in the
solid phases (i.e., siderite and magnetite, see next section) and
only a small portion (#3% in most samples) of the iron was in
the dissolved phase (Table 3). The final Fe(II) in the C1-OR
sample (15.4 mM) was much lower than that in the C1-W4
sample (35.66 2 mM) (Fig. 3d), which was most likely due to
the low amount of iron initially added to the tube (C1-OR (S2),
Table 4).

Fe(II) was also produced in Control-OR samples. This has
been observed previously and was attributed to abiotic reduc-
tion of Fe(III) by glucose at higher temperatures (Zhang et al.,
1996). The total Fe(II) in the Control-OR samples was,3.0
mM throughout the experiment (Fig. 3d), which included only
soluble Fe(II) (0.0–0.25 mM) and siderite Fe(II) (1.7–2.3
mM). Magnetite was also detected in the abiotic samples after
168 h as evidenced by weak attraction of the precipitate to a
magnet. With use of techniques of magnetic remnance, the
abundance of magnetite in similar control experiments was

Fig. 3. Changes in cell abundance (a), pH (b), Eh (c), and total Fe(II) (d) as a function of time in bacterial cultures
(C1-OR, C1-W4) and in the abiotic control (Cntrl-OR). Both cultures and the abiotic control contained 120 mM of
bicarbonate and were incubated at 65°C. Error bars indicate one standard deviation. The timescale is logarithmic so that a
better separation can be achieved between data points within the first 24 h. Numbers within the figure were incubation times
(same in Figs. 4, 7, and 8).
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,2% of total solids (Zhang et al., manuscript in preparation).
This would give'0.6-mM Fe(II) from magnetite in addition to
Fe(II) from the solution and siderite. Overall, iron reduction in
the abiotic control was significantly less than in the bacterial
cultures (Fig. 3d). This finding suggested that iron reduction
was substantially enhanced by bacterial growth in the C1-OR
and C1-W4 cultures.

Additional time-course experiments were performed at 60
mM of bicarbonate to examine the effect of bacterial growth on
solution chemistry and isotope fractionation (suites 4 and 5,
Table 1). Two concentrations of inocula were used: 1.73 105

cells/mL (0.1%) and 7.63 106 cells/mL (10%). Although more
biomass was produced with the greater amount of inoculum
(Fig. 4a), the resulting changes in pH and total Fe(II) were

Table 3. Production of Fe(II) as a function of time for C1-W4 cultures at 120 mM of bicarbonate concentration (suite 3 experiment, Table 1).

Time
(h)

Total Weight
(mg)

Siderite
(mg) SI-sid1

Fe3O4
2

(mg)

Soluble
Fe(II)3

(mM)

Fe(II) of
siderite
(mM)

Fe(II) of
magnetite

(mM)

Total
Fe(II)
(mM)

0.5 82.1 3.8 1.8 na4 0.0 3.3 na 3.3
3 91.3 4.3 na 0.1 3.7 na 3.8
3 83.0 5.8 2.5 na 0.1 5.0 na 5.1
6 83.0 8.9 na 0.1 7.7 na 7.8
6 84.0 9.6 3.1 na 0.1 8.3 na 8.4
11 79.8 14.2 na 0.3 12.2 na 12.5
11 79.0 14.9 3.5 na 0.2 12.9 na 13.1
14 79.5 14.7 na 0.3 12.7 na 13.0
14 82.0 17.9 3.4 na 0.2 15.4 na 15.6
24 76.0 18.2 57.8 0.4 15.7 24.9 41.0
24 77.0 16.2 2.8 60.8 0.3 14.0 26.2 40.5
168 65.9 4.5 26.4 0.1 3.9 26.4 30.4
168 68.0 6.0 2.3 26.7 0.1 5.2 26.7 32.0
720 67.8 11.4 24.3 0.1 9.8 24.3 34.2
720 72.0 13.6 2.5 25.2 0.1 11.7 25.2 37.0

All Fe(II) concentrations are normalized to the total volume of solution. SI-sid5 saturation index for siderite. SI was not calculated for magnetite.
1 Estimated from C1-OR samples in suite 2 experiment (Table 1).
2 Calculated as the difference between total solids and siderite weight. Magnetite began to precipitate at 11-h incubation (see Fig. 5); its contribution

to total reduced iron at this time was small because iron oxyhydroxide was still abundant. After 24 h, the total solids were assumed to consist of only
siderite and magnetite on the basis of X-ray diffraction patterns (Fig. 5).

3 Soluble Fe(II) accounted for#3% of total Fe(II) at each sampling time.
4 Not available.

Table 4. Summary of Fe(II) species in C1 cultures at the end of experiments (240–720 h).

Sample ID
Temp
(°C)

Initial
HCO3

2

(mM)
Final
pH

Total
Solids
(mg)

Sid
(mg)

Sid
(%)

Mag
(mg)1

Mag
(%)

Fe(II) in
solution2

(mM)

Fe(II) in
siderite2

(mM)

Fe(II) in
magnetite2

(mM)

Total
Fe(II)3

(mM)

[Fe(II) 1
Fe(III)]3

(mM)

C1-OR (S2) 65 120 7.4 32.3 3.2 10.0 29.0 90.0 0.14 2.8 12.5 15.4 40.4
C1-W4 (S3) 65 120 7.2 69.9 12.5 17.9 57.4 82.1 0.09 10.8 24.7 35.6 85.1
C1-OR (S4) 65 60 7.5 37.0 1.8 4.8 35.2 95.2 0.15 1.5 15.2 16.9 47.2
C1-OR (S5) 65 60 7.3 41.5 2.8 6.7 38.7 93.3 0.40 2.4 16.7 19.5 52.9
C1-OR (S6) 65 10 5.9 37.0 0.3 0.8 36.7 99.2 1.24 0.3 15.8 17.3 49.0
C1-OR (S6) 65 30 6.4 52.8 0.8 1.6 52.0 98.4 0.39 0.7 22.4 23.5 68.3
C1-OR (S6) 65 60 7.2 57.1 5.4 9.4 51.7 90.6 0.26 4.6 22.3 27.2 71.8
C1-OR (S6) 65 240 6.9 53.3 2.0 3.8 51.3 96.2 0.44 1.7 22.1 24.2 68.4
C1-OR (S7) 45 120 7.6 34.0 7.3 21.3 26.8 78.7 0.13 6.3 11.5 17.9 41.0
C1-OR (S7) 55 120 7.5 34.6 5.0 14.3 29.7 85.7 0.10 4.3 12.8 17.1 42.7
C1-OR (S7) 55 120 7.5 39.5 4.4 11.2 35.1 88.8 0.09 3.8 15.1 19.0 49.3
C1-OR (S7) 75 120 7.8 54.7 15.5 28.3 39.2 71.7 0.08 13.3 16.9 30.3 64.1
C1-W4 (S8) 45 120 7.7 43.0 23.6 54.8 19.4 45.2 0.07 20.3 8.4 28.8 45.5
C1-W4 (S8) 55 120 7.5 45.0 6.5 14.4 38.5 85.6 0.11 5.6 16.6 22.3 55.5
C1-W4 (S8) 75 120 7.4 55.8 9.6 17.2 46.2 82.8 0.06 8.3 19.9 28.2 68.1

Numbers in parentheses (such as S2) in column 1 are suite numbers of experiments defined in Table 1. All Fe(II) and Fe(III) concentrations are
normalized to the total volume of solution.

1 The abundance of magnetite (Mag) in milligram (mg) was calculated as the difference between total solids and siderite (Sid) assuming magnetite
and siderite were the only phases after a 24-h incubation.

2 Fe(II) in solution was measured by using the ferrozine method. Fe(II) in siderite (mM) was calculated on the basis of the sample weight (mg)
and formula weight (116) of siderite and a volume of 10 mL. Fe(II) in magnetite (mM) was calculated on the basis of the sample weight (mg) and
formula weight (232) of magnetite and a volume of 10 mL.

3 Total Fe(II) is the sum of Fe(II) in solution, Fe(II) in siderite, and Fe(II) in magnetite. Total iron is the sum of total Fe(II) plus the Fe(III) in
magnetite.
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similar between the two experiments (Figs. 4b and 4c). This
finding suggested that increase in bacterial biomass did not
significantly affect the solution chemistry under the conditions
examined. The final pH values in these experiments were close
to those in C1-OR and C1-W4 in Figure 3b. The total Fe(II)
values at the end, however, were lower than that in the C1-W4
culture (Fig. 3d). These low values were again due to low total
iron initially added to the tubes (C1-OR (S4) and C1-OR (S5),
Table 4).

Final pH and Fe(II) from all C1 culture experiments were

summarized in Table 4. The results indicated that significantly
lower pH (#6.4) occurred in samples having initial HCO3

2

of # 30 mM, which also had the lowest amount of siderite
(Table 4). Overall, the total Fe(II) varied from 15.4 to 35.6 mM
in the final samples, which accounted for 34 to 47% of total
iron (Fe(II) 1 Fe(III)). There was one exception of much
higher Fe(II) (63%) that occurred in a C1-W4 sample at 45°C
(Table 4).

3.1.2. Changes in mineralogy in bacterial cultures and in
abiotic controls

Calculations of saturation indices indicated that the solution
was supersaturated with respect to siderite from the beginning
and throughout the course of the experiments (Table 3). The
formation of siderite and magnetite during bacterial iron reduc-
tion was confirmed by X-ray diffraction (Fig. 5) and scanning
electron microscopy (Fig. 6). The XRD patterns showed a
small amount of nonmagnetic akaganeite in the bulk phase of
amorphous ferric oxyhydroxide at 0.5 h (Fig. 5). Although CO2

yields measured from reaction of total solids with phosphoric
acid indicated the presence of carbonate in the solids at this
time (Table 3), siderite was not detected by the X-ray diffrac-
tion before 11 h.

After 11 h, the precipitate became weakly magnetic, and
XRD showed the presence of siderite and a small peak of
magnetite (Fig. 5). After 24 h, the precipitates became strongly
magnetic, and the XRD patterns showed major peaks of mag-
netite and smaller peaks of siderite (Fig. 5). Note that the
akaganeite peaks almost completely disappeared at 24 h, indi-
cating the production of siderite and magnetite and the con-
sumption of the ferric oxyhydroxide. After 720 h, magnetite
peaks became predominant, whereas the siderite peaks became
even less intense (Fig. 5). Under SEM, siderite crystals (3–5
mm) in the C1-OR samples were rhombohedral in shape and
coated with fine-grained magnetite (Fig. 6). Siderite particles
were only observed in samples after 11 h, which was consistent
with the X-ray diffraction data. The size of siderite crystals did
not seem to vary noticeably with incubation time (data not
shown). Because the solids consisted of mostly siderite and

Fig. 4. Changes in cell abundance (a), pH (b), and total Fe(II) (c) as
a function of time in C1-OR cultures of two different inoculation
concentrations: circles, 7.63 106 cells/mL; squares, 1.73 105 cells/
mL. Cultures had 60 mM of initial bicarbonate and were incubated at
60°C. Error bars indicate one standard deviation.

Fig. 5. X-ray diffraction patterns of the iron minerals formed in
C1-OR cultures at 65°C and 120 mM of initial bicarbonate. A5
akaganeite. S5 siderite. M5 magnetite.
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magnetite after 24 h (Fig. 6), the abundance of magnetite after
24 h can be estimated from the measured siderite and the total
solids (Table 3 and Table 4). The results indicated that.70%
of the total precipitates were magnetite in most samples (Table
4).

In GS-15 cultures, magnetite and siderite were also the
dominant minerals. In the BrY cultures, however, siderite,
vivianite, and other unknown iron minerals were produced, but
magnetite was not detected. These results indicated that mag-
netite was not always formed during bacterial iron reduction.

3.2. Oxygen Isotope Compositions of Siderite

A complete list of oxygen isotope compositions of siderite
and water is in Table 5. A total of 51 samples were analyzed for
18O/16O, among which 53% had duplicates (Table 5). These
duplicates gave standard deviations ranging from 0.0‰ to
2.6‰ with an average of 0.76 0.7‰ (n 5 27). Samples
C1-OR 168 h-b and C1-OR 720 h-b (suite 2) and C1-OR
55°C-a (suite 7) were contaminated when they were washed
with acetone instead of water. These samples were not included
in the calculation of standard deviation and not reported in the
following sections. All other samples were clean, judging from
mass spectrum after each isotopic run.

3.2.1. Time effect on oxygen isotope compositions of siderite

Effects of incubation time on oxygen isotope compositions
of the medium water and siderite were examined in C1-OR,
C1-W4, and Control-OR at 120 mM of bicarbonate (Fig. 7).
The d18O of the medium water remained relatively constant
throughout the course of experiments (Figs. 7a–7c). Siderite
was always enriched in18O relative to the medium water, but
its d18O values decreased with time in both culture samples and

Fig. 6. A large siderite crystal (center) formed in a C1-OR culture at
65°C and 240 mM of bicarbonate after a 720-h incubation. The siderite
crystal was covered with finer grains of coprecipitating magnetite.

Table 5. Summary of oxygen isotope compositions of siderite and
water for the 11 suites of experiments performed in this study (Table 1).

Sample
Time
(h)

Temp
(°C)

HCO3
2

(mM)
d18OH2O

(‰)
d18OSid

(‰)
103lnasid-H2O

(‰)

Suite 1
Contr-OR 0.5 65 120 24.9 24.3 29.0
Contr-OR 6 65 120 24.8 22.9 27.5
Contr-OR 11 65 120 25.1 22.5 27.4
Contr-OR 14 65 120 25.3 22.5 27.6
Contr-OR 24 65 120 26.2 22.4 28.4
Contr-OR 168 65 120 25.2 19.1 24.1
Contr-OR 720 65 120 25.2 18.4 23.4
Contr-OR 500 95 30 25.6 11.5 17.1

Suite 2
C1-OR 0.5 65 120 na1 na na
C1-OR2 3a 65 120 na na na
C1-OR 3b 65 120 na na na
C1-OR 6a 65 120 na na na
C1-OR 6b 65 120 na na na
C1-OR2 11a 65 120 25.3 28.6 33.5
C1-OR 11b 65 120 na na na
C1-OR2 14a 65 120 24.8 26.8 31.3
C1-OR 14b 65 120 na na na
C1-OR2 24a 65 120 24.8 28.3 32.7
C1-OR2 24b 65 120 25.3 28.6 33.5
C1-OR2 168a 65 120 24.6 20.3 24.7
C1-OR2 168b 65 120 25.2 30.93 nd4

C1-OR2 720a 65 120 25.3 18.9 24.0
C1-OR2 720b 65 120 25.3 22.53 nd

Suite 3
C1-W4 0.5a 65 120 226.6 10.7 37.6
C1-W4 0.5b 65 120 229.1 na na
C1-W4 3a 65 120 228 7.6 36.0
C1-W4 3b 65 120 228.9 7.4 36.8
C1-W4 6a 65 120 228.4 6.5 35.4
C1-W4 6b 65 120 229.2 6.5 36.1
C1-W4 11a 65 120 226.3 5.6 32.3
C1-W4 11b 65 120 229.0 5.3 34.8
C1-W4 14a 65 120 228.0 5.3 33.7
C1-W4 14b 65 120 228.1 5.2 33.7
C1-W4 24a 65 120 228.9 4.8 34.1
C1-W4 24b 65 120 228.6 5.1 34.1
C1-W4 168a 65 120 227.6 24.2 23.8
C1-W4 168b 65 120 228.9 24.7 24.6
C1-W4 720a 65 120 228.5 24.9 24.0
C1-W4 720b 65 120 228.8 25.5 23.7

Suite 4
C1-OR 3.6a 65 60 27.5 18.0 25.4
C1-OR 3.6b 65 60 27.6 14.2 21.7
C1-OR 6a 65 60 nd nd nd
C1-OR 6b 65 60 nd nd nd
C1-OR 12a 65 60 nd nd nd
C1-OR 12b 65 60 nd nd nd
C1-OR 24a 65 60 27.3 11.4 18.7
C1-OR 24b 65 60 27.5 14.0 21.3
C1-OR 120a 65 60 27.6 15.0 22.4
C1-OR 120b 65 60 27.4 14.1 21.4
C1-OR 240a 65 60 27.1 13.3 20.3
C1-OR 240b 65 60 27.0 14.0 21.0

Suite 5
C1-OR 3.6a 65 60 27.2 14.5 21.6
C1-OR 3.6b 65 60 27.2 14.9 22.0
C1-OR 6a 65 60 nd nd nd
C1-OR 6b 65 60 nd nd nd
C1-OR 12a 65 60 nd nd nd
C1-OR 12b 65 60 nd nd nd
C1-OR 24a 65 60 27.1 12.6 19.6
C1-OR 24b 65 60 27.1 14.0 21.0

(continued)
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in the abiotic controls (Figs. 7a–7c). As a result, the fraction-
ation between siderite and water decreased with time, changing
from 32.8‰ (3 h) to 24.0‰ (720 h) in C1-OR (Fig. 7a), from
37.6‰ (0.5 h) to 23.8‰ (720 h) in C1-W4 (Fig. 7b), and from
29.0‰ (0.5 h) to 23.4‰ (720 h) in Control-OR (Fig. 7c).

The fractionations in C1-OR and C1-W4 cultures were sig-
nificantly higher than those in the Control-OR samples during
the first 24 h (Fig. 8). This was also the time when bacterial

cells grew exponentially (Fig. 3a). After 24 h, the differences in
fractionation between culture samples and abiotic controls be-
came smaller. After 168 h, the difference had essentially di-
minished (Fig. 8).

The pronounced decrease in fractionation with incubation
time, however, was not observed in experiments at 60 mM of
bicarbonate (Fig. 8). At 7.63 106 cells/mL inoculation, the
fractionation varied from 21.8‰ at 3.6 h to 21.3‰ at 240 h; at
1.7 3 105 cells/mL inoculation, the fractionation varied be-
tween 23.5‰ and 20.6‰ during the same period of incubation
(Fig. 8). Overall, the difference in fractionation between the
two experiments was statistically insignificant, even though
there was more biomass with the greater amount of inoculum
(Fig. 4a). This suggests that in these experiments (60 mM of
bicarbonate), different biomass or microbial growth did not
affect the fractionation between siderite and water. The frac-
tionation values in these experiments, however, were smaller
than those with 120 mM of initial bicarbonate (Fig. 8).

3.2.2. Bicarbonate effect on oxygen isotope compositions of
siderite

The effect of bicarbonate on isotope fractionation was fur-
ther evaluated by using C1-OR cultures at 10, 30, 60, and 240
mM of bicarbonate after 720-h incubation (Fig. 9). The results
indicated that the oxygen isotope fractionation was small when
the initial bicarbonate was low. For example, the 103lnasid-H2O

was 21.5‰ at 10 mM of bicarbonate and was 22.8‰ at 30 mM
of bicarbonate. The 103lnasid-H2O was similar, however, at 60
mM (24.7‰), 120 mM (24.0‰, from time-course experi-
ments), and 240 mM (24.3‰) of bicarbonate (Fig. 9). In
C1-W4 and the Control-OR experiments (120 mM of bicar-
bonate, 720 h), the 103lnasid-H2O values were slightly smaller
than those in the C1-OR experiment at the same bicarbonate
concentration (Fig. 9). These experiments plus the time-course
experiments at 60 mM of bicarbonate (Fig. 8) indicated that
oxygen isotope fractionation tended to decrease when bicar-
bonate was#60 mM.

3.2.3. Effect of incubation temperature on oxygen isotope
compositions of siderite

The temperature effect was examined by using samples
collected after 240 to 720 h because at these time points the
isotope compositions of siderite had approached relatively con-
stant values (Fig. 8). Results showed a general trend of tem-
perature-dependent fractionation at 10 to 95°C (Fig. 10). In
particular, The C1-W4 samples at 120 mM of bicarbonate gave
good reproducibility (n5 2) at all four temperatures: 26.96
0.1‰ at 45°C, 25.66 0.2‰ at 55°C, 23.86 0.2‰ 65°C, and
22.8 6 0.2‰ at 75°C (Fig. 11). The fractionation values of
C1-OR samples at 120 mM of bicarbonate were consistent with
those of the C1-W4 samples. Collectively, these data provided
a best fit between the fractionation and temperature at 45 to
75°C, which can be described by the following equation:

103 lnasid-wt 5 2.563 106T22(K) 1 1.69 (r2 5 0.972)

(1)

As the number of samples increased, some fractionations de-
viated below the general trend (Fig. 10). In the C1-OR samples,

Table 5. (Continued)

Sample
Time
(h)

Temp
(°C)

HCO3
2

(mM)
d18OH2O

(‰)
d18OSid

(‰)
103lnasid-H2O

(‰)

Suite 5
C1-OR 120a 65 60 27.5 14.6 22.0
C1-OR 120b 65 60 27.1 14.6 21.0
C1-OR2 240a 65 60 27.0 14.2 21.0
C1-OR2 240b 65 60 27.1 14.6 21.6

Suite 6
C1-OR2 720 65 10a 25.9 na na
C1-OR 720 65 10b 25.2 16.4 21.5
C1-OR2 720 65 30a 25.2 18.2 23.3
C1-OR 720 65 30b 24.5 na na
C1-OR 552 65 30c 26.4 16.0 22.3
C1-OR2 720 65 60a 24.5 20.2 24.6
C1-OR 720 65 60b 24.8 20.2 24.8
C1-OR 720 65 240a 25.3 19.3 24.5
C1-OR 720 65 240b 25.3 19.0 24.1

Suite 7
C1-OR2 720 45a 120 24.7 22.6 27.0
C1-OR 720 45b 120 24.7 22.7 27.1
C1-OR2 720 55a 120 24.7 26.03 nd
C1-OR2 720 55b 120 24.8 21.4 25.9
C1-OR2 720 75a 120 25.4 18.2 23.5
C1-OR2 720 75b 120 24.6 18.0 22.5

Suite 8
C1-W4 720 45a 120 228.4 22.1 26.8
C1-W4 720 45b 120 228.9 22.4 27.0
C1-W4 720 55a 120 228.6 23.6 25.4
C1-W4 720 55b 120 229.0 23.7 25.8
C1-W4 720 75a 120 228.4 25.9 22.9
C1-W4 720 75b 120 228.7 26.4 22.7

Suite 9a
TOR-39-OR 552 65 30 24.8 19.1 23.7

Suite 9b
M3-H2-OR 500 65 30 24.7 21.0 25.5

Suite 10
GS-15-UM2 500 210 30 29.5 22.1 31.4
GS-15-UM2 500 30 30 29.4 19.4 28.6

Suite 11
BrY-OR2,5 500 10 60 25.8 30.8 36.2
BrY-OR2,5 500 25 60 26.7 10.1 16.8
BrY-OR2 500 25 60 25.6 25.6 30.9
BrY-OR 500 10a 60 26.3 20.8 26.9
BrY-OR 500 10b 60 26.3 22.3 28.4
BrY-OR 500 37a 60 26.1 20.7 26.6
BrY-OR 500 37b 60 26.6 20.7 27.1

Oxygen isotope compositions of water (H2O) and siderite (sid) were
reported relative to the international standard VSMOW.

1 Not available due to the loss or small sizes of samples.
2 Samples washed with acetone. All others were washed with dis-

tilled water.
3 Contamination and not used for figure plotting and discussion.
4 Not determined.
5 Ferric citrate (25 mM) was used as the electron acceptor instead of

amorphous iron.
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the smaller fractionations (,23‰) at 65°C were related to low
bicarbonate (10–30 mM after 720 h or 60 mM after 240 h)
(Figs. 8 and 9). In the BrY-OR samples, small fractionations
may be associated with lower siderite abundance, which in turn

Fig. 7. Oxygen isotopic compositions of siderite (sid) and water
(H2O) and the fractionation between the two as a function of time at
65°C and 120 mM of initial bicarbonate concentration. Data represent
average values6 one standard deviation when duplicate samples were
available.

Fig. 8. Summary of oxygen isotope fractionation at 65°C as a
function of time in bacterial cultures (C1-OR, C1-W4) and abiotic
controls (Control-OR) at two initial bicarbonate concentrations (120
mM and 60 mM). C1-OR (120 mM) and C1-W4 (120 mM) had similar
inocula, which were 1.63 107 cells/mL and 1.13 107 cells/mL,
respectively. C1-OR (60 mM-1) had 1.73 105 cells/mL inoculum
concentration and C1-OR (60 mM-2) had 7.63 106 cells/mL inoculum
concentration. Also shown is the fractionation (23.9‰, arrow-pointed
line) at 65°C for inorganically precipitated siderite based on fraction-
ation factor of Carothers et al. (1988).

Fig. 9. Oxygen isotope fractionation between siderite and water
(65°C) as a function of initial bicarbonate concentrations. Also shown
is the fractionation (23.9‰) at 65°C for inorganically precipitated
siderite based on fractionation factor of Carothers et al. (1988), who
used 300 mM of bicarbonate in their experiments.
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was related to low bicarbonate. At 25°C, for example, the
sample with a smaller fractionation (16.8‰) had 2.7% (0.5 mg)
siderite, whereas the sample with a larger fractionation
(30.9‰) had 43% (14.3 mg) siderite; at 10°C, the two samples
with fractionations below 29‰ had siderite abundance,8%,
whereas the sample with a fractionation of 36.2‰ had a siderite
abundance of 27%. These smaller fractionations suggest an
isotope discrimination against the heavy18O when forming
siderite under low-bicarbonate conditions.

3.3. Carbon Isotope Compositions of Siderite

Thed13C of siderite in C1 cultures and in the abiotic controls
at 120 mM of bicarbonate also decreased with incubation time
(Fig. 12). In C1-OR samples,d13C of siderite decreased from
26.0‰ at 3 h to27.6‰ at 720 h. In Control-OR samples,d13C
decreased from26.0‰ at 0.5 h to28.9‰ at 720 h. In C1-W4
samples,d13C decreased from27.4‰ at 0.5 h to28.5‰ at
720 h; however, the lowest values (around29.8‰) occurred
between 11 and 14 h (Fig. 12). Similar to oxygen isotope
composition, thed13C of siderite tended to become constant in
each experiment (Fig. 12). Using limited isotopic data of total
dissolved inorganic carbon for C1-OR samples, we could cal-
culate the fractionation between siderite and CO2 at different
temperatures collected after 720 h (Table 6). These fraction-
ations are compatible with the trend of carbon isotope fraction-
ation determined for abiotically precipitated siderite by Caroth-
ers et al. (1988), but are 5 to 10‰ smaller than theoretical
calculations by Golyshev et al. (1981) (Fig. 13). Thed13C of
siderite in GS-15 and BrY cultures varied between227‰ to
240‰. However, fractionation between siderite and CO2 was
not determined for these samples becaused13C of the bicar-
bonate was not known.

4. DISCUSSION

4.1. Oxygen Isotope Fractionation Between Siderite and
Water

This study represents one of the few experimental studies of
oxygen isotope fractionation between siderite and water at
relatively low temperatures (,200°C). Carothers et al. (1988)
performed inorganic precipitation experiments by slow titration
of a 300 mM of bicarbonate solution with 1500 mM of ferrous
chloride in a hydrothermal vessel. Samples were collected at

Fig. 10. Oxygen isotope fractionation as a function of temperature
for all samples collected at the end of experiments (240–720 h), which
were compared with biogenic siderite from Mortimer and Coleman
(1997), inorganically precipitated siderite from Carothers et al. (1988),
and theoretical calculations from Becker and Clayton (1976), Golyshev
et al. (1981) and Zheng (1999). See Fig. 1 for more information.

Fig. 11. Oxygen isotope fractionation as a function of temperature at
120 mM of initial bicarbonate and after a 720-h incubation. Open
squares, C1-OR cultures; open circles, C1-W4 cultures. The regression
line was drawn by using data from both types of cultures.

Fig. 12. Carbon isotopic compositions of siderite (sid) as a function
of time at 65°C and 120 mM of initial bicarbonate concentration. Data
represent average values6 one standard deviation. For C1-W4, the
error bars were smaller than the symbols and were not shown.
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the end of experiments after 5 to 6 days and analyzed for
oxygen isotopic compositions of the siderite. Their results
showed temperature-dependent fractionation between the pre-
cipitating siderite and water at 33 to 197°C, and varied agree-
ment with theoretical calculations (Fig. 1). Mortimer and
Coleman (1997) analyzed biogenic siderite precipitated at 18–
40°C in GS-15 cultures incubated for 6 to 48 days. Their
fractionation values were smaller than those determined from
either inorganically precipitated siderite or the theoretical cal-
culations (Fig. 1) and were thought to be indicative of a
microbial origin (Mortimer and Coleman, 1997).

The fractionation data from C1 cultures compared favorably
with the empirical curve of Carothers et al. (1988) in the
temperature range of 45 to 75°C for samples at$120 mM of
bicarbonate (Fig. 10). Below 45°C, only two of the seven
samples from the BrY-OR cultures still followed the empirical
curve. However, the two BrY-OR samples at 37°C and two

GS-15-UM samples at 20°C and 30°C fell on the theoretical
curves of Becker and Clayton (1976) or Golyshev et al. (1981).
The other three samples of BrY-OR at 25°C and 10°C had
significantly smaller fractionations than the empirical curve of
Carothers et al. (1988) and those derived from theoretical
calculations (Fig. 10). The smaller fractionations exhibited by
the BrY samples had similar deviations from the theoretical
values as those of GS-15 reported by Mortimer and Coleman
(1997) (Fig. 10). In addition to a possible biologic origin, these
low fractionations may also be caused by changes in chemical
conditions of bacterial growth. For example, GS-15 in our
study gave fractionations close to abiotic fractionation of
Carothers et al. (1988), whereas the same bacterial strain pro-
duced lower fractionations in most samples of Mortimer and
Coleman (1997), who might have used a different chemical
milieu.

One important finding of this study was the variation in
fractionation at different bicarbonate concentrations. During
the early precipitation of the solids in the 120 mM of bicar-
bonate experiments, the fractionation between siderite and wa-
ter was very high (more positive) but gradually decreased to
near constant values (Fig. 8). Even in the control experiment
without bacteria, a similar pattern, although less pronounced,
was observed (Fig. 8). The patterns were likely due to kinetic
processes during early precipitation of siderite or possibly the
formation of a Fe(II)Fe(III) hydroxy-carbonate. At 120 mM of
bicarbonate, substantial fractions (3–14%) of total dissolved
CO2 including HCO3

2 and CO3
5 precipitated quickly as solid

iron carbonates within the first 24 h. This means that all CO3
5

(0.5–1.2% of total dissolved CO2) initially in the solution was
rapidly removed, and the carbonate system had to continuously
produce the CO3

5 ion to maintain chemical equilibrium. It is
well documented in the literature (Mills and Urey, 1940; Us-
dowski et al., 1991) that oxygen isotope exchange between
dissolved CO2 and water is orders of magnitudes slower than
chemical reactions, depending on temperature and pH. Thus, it
is very likely that during the rapid precipitation of iron carbon-
ates at the beginning, the precipitating minerals were not at
isotope equilibrium with the water, even though chemical equi-
librium might have been maintained throughout.

Kinetic isotope effects have also been observed for other
carbonate minerals. Li et al. (1997) reported that when calcite
was precipitated instantaneously from an alkaline lake water,

Table 6. Carbon isotope fractionation between biogenic siderite and gaseous CO2 in C1-OR samples with 120 mM of initial bicarbonate.

Temp
(°C)

103lnaHCO3-CO21

(‰)
d13CHCO32

(‰)
d13CCO23

(‰)
d13Csiderite2

(‰)
103lnasiderite-CO24

(‰)

45 6.117 28.58 214.61 27.18 7.47
27.26

55 5.163 28.66 213.75 25.46 7.86
26.47

65 4.209 28.06 212.21 27.516 0.36 (n5 5) 4.75
75 3.255 28.96 212.18 27.27 5.18

26.83

1 Equilibrium fractionation as a function of temperature calculated using the following equation: 103lnaHCO3-CO25 2 0.09543 T (°C) 1 10.41
(Szaran, 1997).

2 Measured values.d13CHCO3
was approximated as the isotopic compositions of total dissolved inorganic carbon for a pH range of 7.4 to 7.8.

3 Calculated by using columns 2 and 3.
4 Calculated by using column 4 and the average value in column 5.

Fig. 13. Carbon isotope fractionation between siderite and CO2.
Circles, this study; squares, Carothers et al. (1988). Also shown is a
theoretical curve from Golyshev et al. (1981).
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oxygen isotope fractionation factors between calcite and water
are'10‰ greater than those of expected equilibrium fraction-
ation (Fig. 4 of Li et al., 1997). Kim and O’Neil (1997)
observed that isotopic fractionation among nonequilibrium car-
bonates varied significantly with initial bicarbonate and the
higher the metal ion and bicarbonate, the larger the fraction-
ation (up to 3‰ at a given temperature). The magnitude of
enrichment reported by Li et al. (1997) was very similar to
early fractionation in our experiments at 120 mM of bicarbon-
ate and 65°C (Fig. 8). Li et al. (1997) attributed this enrichment
to insufficient isotopic exchange between carbonate crystals
and solution due to fast crystal growth. Similarly, the18O
enrichment in early precipitated iron carbonates in this study
may be due to the rapid formation of the minerals. In the 60
mM of bicarbonate experiments at 65°C, there was no clear
trend of isotope fractionation with incubation time (Fig. 8).
Siderite formed in these experiments might simply reflect a
slow precipitation.

Although it is not possible to prove that siderite precipitated
from solution has reached isotopic equilibrium with water,
general trends ofd18O values of siderite with incubation time
suggested that siderite at 120 mM of bicarbonate may have
approached isotopic equilibrium with water after 168 h (Fig. 8).
In particular, the C1-culture experiments with W4 water
showed a good linear relation with incubation temperature (Fig.
11), and its temperature dependence is almost the same as
observed by Carothers et al. (1988) for equilibrium fraction-
ation between inorganic siderite and water in the same temper-
ature range (Fig. 11). These results corroborate the findings of
Zhang et al. (1997) and Mandernack et al. (1999), who showed
temperature-dependent fractionations between biogenic mag-
netite and water.

4.2. Geological Implications

Microbial iron reduction is a major respiratory process in
low-temperature sedimentary environments (Lovley, 1991;
Nealson and Saffarini, 1994). Siderite and magnetite can co-
precipitate during iron reduction under the same condition
(Zhang et al., 1997). This provides an opportunity to establish
a geothermometer based on oxygen isotope fractionation be-
tween the two coexisting minerals. Coprecipitation of siderite
and magnetite might have occurred widely in the Precambrian-
banded iron formations (Eugster and Chou, 1973; Perry et al.,
1973; Becker and Clayton, 1976; Klein and Bricker, 1977) and
has been observed in a Devonian ironstone (Hangari et al.,
1980). Although theoretical calculations of temperature-depen-
dent fractionation exist for siderite-water and magnetite-water
pairs (O’Neil and Clayton, 1964; Becker and Clayton, 1976;
Golyshev et al., 1981; Zheng, 1991; Rowe et al., 1994), no
experimental data are available for oxygen isotope fraction-
ation between coexisting siderite and magnetite. Here we pro-
vide a preliminary equation of temperature-dependent fraction-
ation between biogenic siderite and magnetite formed under
laboratory conditions:

103 lnasid-mag5 1.763 106T22(K) 1 9.43 (2)

Eqn. 2 is derived by combining the siderite-water pair (Eqn. 1)
of this study with the magnetite-water pair (103 lnamag-wt 5
0.80 3 106 T22 (K) 27.74) reported by Zhang et al. (1997).

Both magnetite and siderite were formed at a temperature range
of 45 to 75°C but from different culture samples. Analysis of
coexisting siderite and magnetite from the same culture is
needed to validate this empirical equation, which will be done
in future studies. We also compared Eqn. 3 to siderite-magne-
tite fractionation calculated from existing data in the literature
(Fig. 14). The results show that fractionations between siderite
and magnetite of our experimental measurements are 3.8 to
8.7‰ smaller than siderite-magnetite fractionations from the-
oretical calculations (Fig. 14).

A geothermometer based on coexisting siderite and magne-
tite may be particularly useful because their isotope composi-
tions can be much better preserved in the geologic record than
fluids from which these minerals were originally precipitated.
Hangari et al. (1980) analyzed the oxygen isotope compositions
of diagenetic siderite and magnetite coprecipitated in the Upper
Devonian ironstones in the Wadi Shatti District, Libya. Using
Eqn. 2, we calculated the formation temperatures of these
minerals to be in the range of 10 to 76°C. Magnetited18O
values were corrected for siderite contamination by a factor of
0.05 based on information provided by Hangari et al. (1980).
These temperatures are more realistic than original estimation
(45 to 120°C), given the fact that the ironstone was deposited
in a fresh or brackish deltaic environment and had not experi-
enced high-temperature metamorphism (Hangari et al., 1980).
Another application of the siderite-magnetite isotope pair may
be to validate the formation temperatures of iron carbonates

Fig. 14. Oxygen isotope fractionation between siderite and magnetite
derived from experimental measurements (curve A) and theoretical
calculations (curves B and C). Curve A is obtained by combining the
siderite-water fractionation of this study with the magnetite-water
fractionation of Zhang et al. (1997). Curve B is obtained by combining
the siderite-water and magnetite-water fractionations reported in
Becker and Clayton (1976). Curve C is obtained by combining the
siderite-water and magnetite-water fractionations reported in Zheng
(1991; 1999).
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and magnetite in a Martian meteorite, which were proposed as
possible biomarkers of past biogenic activities on Mars
(McKay et al., 1996).

5. CONCLUSIONS

Oxygen and carbon isotope compositions were determined
for biogenic siderite formed in both mesophilic (15 to 35°C)
and thermophilic (45 to 75°C) iron-reducing cultures. Oxygen
isotope compositions of siderite formed abiotically at 65 and
95°C were also determined. The abiotic siderite had similar
oxygen isotope compositions as those of biogenic siderite
formed at the same temperature, suggesting that microbial
fractionations cannot be distinguished from abiotic fraction-
ations under the conditions examined here.

Temperature appears to be a dominant factor controlling the
oxygen isotope fractionation between water and the final si-
derite precipitate. Fractionations for the biogenic siderite
formed at$120 mM of bicarbonate and after 500 to 720 h may
have reached equilibrium, because they are comparable with
equilibrium fractionations of inorganically precipitated siderite
(Carothers et al., 1988) and theoretical calculations (Becker and
Clayton, 1976; Golyshev et al., 1981; Zheng, 1999). Samples in
thermophilic cultures (45 to 75°C) gave the best linear corre-
lation between fractionation and temperature, which can be
described as 103 lnasid-wt 5 2.563 106 T22 (K) 1 1.69. These
results corroborate the findings of Zhang et al. (1997) and
Mandernack et al. (1999), who showed temperature-dependent
fractionations between biogenic magnetite and water. Carbon
isotope fractionations between biogenic siderite and CO2,
based on limited data, also varied with temperature and were
consistent with the inorganically precipitated siderite of
Carothers et al. (1988). Other variables, such as isotopic com-
positions of water, types of bacterial species, or bacterial
growth rates, had little effect on the fractionation. Results of
this study show that oxygen and carbon isotope fractionations
may help constrain formation temperatures of biogenic miner-
als in low-temperature sedimentary basins where biologic ac-
tivities always occur.
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